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ABSTRACT
A connection is found between African easterly waves (AEWs), equatorial westward-moving mixed
Rossby–gravity (WMRG) waves, and equivalent barotropic Rossby waves (RWs) from the Southern
Hemisphere (SH). The amplitude and phase of equatorial waves is calculated by projection of broadband-
filtered ERA-Interim data onto a horizontal structure basis obtained from equatorial wave theory. Mecha-
nisms enabling interaction between the wave types are identified. AEWs are dominated by a vorticity wave
that tilts eastward below the African easterly jet and westward above: the tilt necessary for baroclinic wave
growth. However, a strong relationship is identified between amplifying vorticity centers within AEWs and
equatorialWMRGwaves. Although the waves do not phase lock, positive vorticity centers amplify whenever
the cross-equatorial motion of the WMRG wave lies at the same longitude in the upper troposphere
(southward flow) and east of this in the lower troposphere (northward flow). Two mechanisms could explain
the vorticity amplification: vortex stretching below the upper-tropospheric divergence and ascent associated
with latent heating in convection in the lower-tropospheric moist northward flow.
In years of strong AEW activity, SH and equatorial upper-tropospheric zonal winds are more easterly.
Stronger easterlies have two effects: (i) they Doppler shiftWMRGwaves so that their period varies little with
wavenumber (3–4 days) and (ii) they enable westward-moving RWs to propagate into the tropical waveguide
from the SH. The RW phase speeds can match those of WMRG waves, enabling sustained excitation of
WMRG. The WMRG waves have an eastward group velocity with wave activity accumulating over Africa
and invigorating AEWs at similar frequencies through the vorticity amplification mechanism.
1. Introduction
African easterly waves (AEWs) are lower-tropospheric
disturbances initiating, growing, and propagating westward
across northern Africa into the tropical Atlantic and
sometimes continuing across to the Caribbean Sea (Burpee
1972; Avila and Pasch 1992). AEWs usually appear inMay
and activity continues until October or November. They
dominate precipitation over West Africa, modulating
rainfall through the initiation and organization of meso-
scale convective systems and squall lines (Carlson 1969b;
Duvel 1990; Diedhiou et al.1999; Fink and Reiner 2003;
Mekonnen et al. 2006; Crétat et al. 2015), which produce
intense precipitation. Mesoscale convective systems ac-
count for over 80%of total annual rainfall in the Sahel (e.g.,
Laurent et al. 1998; Mathon et al. 2002). AEWs exhibitCorresponding author: Gui-Ying Yang, g.y.yang@reading.ac.uk
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strong interannual variability: a major influence on the
occurrence of precipitation and climate impacts across the
region. Here, a key aim is to identify the physical mecha-
nisms that are important to AEW amplification, propaga-
tion, and the variability in wave activity.
AEWs are observed to have a period of 3–5 days
(Burpee 1972) and a westward phase speed of about
8–10ms21 (Reedet al. 1977; Price et al. 2007). Their typical
zonal wavelength has been reported to be 2000–2800km
(zonal wavenumber k 5 14–19) in early studies (e.g.,
Carlson 1969a; Burpee 1974, 1975; Reed et al. 1977) but
to be longer (3000–5000km, k 5 8–13) in some later
studies (e.g., Diedhiou et al. 1999; Kiladis et al. 2006).
Cyclonic vorticity centers within AEWs seed a large
proportion of tropical cyclones over the North Atlantic
(Frank 1970; Avila and Pasch 1992; Landsea 1993;
Landsea et al. 1998; Thorncroft and Hodges 2001), with
about 60% of Atlantic tropical cyclones and weak hur-
ricanes originating fromAEWs and approximately 85%
of intense hurricanes developing from AEWs (Landsea
1993). It has also been suggested that nearly all of the
tropical cyclones that occur in the east Pacific can be
associated with AEWs propagating from the Atlantic
(Serra et al. 2010) and possibly traced back to Africa
(Avila and Pasch 1995). Therefore, understanding the
amplification, intensity, and phase speeds of AEWs is
important for weather forecasting in the tropics and
extratropics.
However, despite a long history of research onAEWs,
understanding of the mechanisms behind the dynamics
and variability of AEWs is still qualitative and in-
complete. Furthermore, there are severe deficiencies in
the simulation of the initiation, amplitude, and phase
speeds of AEWs in both numerical weather prediction
(Berry et al. 2007; Agustí-Panareda et al. 2010) and
climate simulations. There are a number of studies re-
lating interannual variability in AEWs to the global
circulation of the atmosphere. For example, Nicholson
(2009) argued, using one wet and one dry year across
West Africa, that the strongest difference in the large-
scale flow between the years was seen in the upper tro-
posphere, rather than in the lower troposphere at the
level of the African easterly jet. The year with stronger
precipitation had stronger monthly mean ascending
motion in theWest African rain belt, stronger divergent
outflow (equatorward flow south of the rain belt) and a
stronger tropical easterly jet (in the equatorial upper
troposphere). These observations are all consistent
with a stronger meridional circulation (local Hadley
cell) across Africa. However, the link withAEWactivity
was unexplained.
Elsewhere across the tropics, envelopes of active
convection and the location of convective systems are
also frequently observed to be related to the structure of
large-scale waves. Equatorial waves with an internal first
baroclinic mode structure in the vertical including the
Kelvin, mixed Rossby–gravity, and Rossby waves iden-
tified from different branches of the dispersion relation
derived byMatsuno (1966), are fundamental components
of the tropical climate system and have been shown to
dominate precipitation variability across tropical ocean
basins (e.g., Wheeler and Kiladis 1999; Yang et al. 2007a;
Yang and Hoskins 2013).
Equatorial waves are trapped near the equator but can
propagate in the zonal and vertical directions. Yang et al.
(2007a, 2011, 2012) and Yang and Hoskins (2013, 2016)
found that the tropical winds and the geopotential anomaly
from meteorological analysis data project strongly onto
the equatorial wave modes based on the theory of a resting
atmosphere. Figure 1 shows the horizontal structures of the
three gravest (lowestmeridionalwavenumbern)westward-
moving equatorial wave modes: the n 5 0 westward-
moving mixed Rossby–gravity (WMRG) wave and n 5 1
and 2 Rossby waves (denoted R1 and R2). It is seen that
although they are equatorially trapped, they can have
strong rotational and divergent motions off the equator
at a distance determined by the horizontal structure of
each mode and a single ‘‘trapping scale’’ [see Eq. (5)]. A
major theoretical challenge is that the zonal flow across
the tropical Atlantic and Africa (north of the equator) is
strongly sheared with the existence of the African
easterly jet (AEJ—peaking at 600hPa near 108–208N)
and the tropical easterly jet (TEJ—around 200hPa
closer to the equator). The shear on theAEJ is thought to
be essential to the existence of AEWs through baro-
clinic and barotropic shear instability (Hall et al. 2006;
Cornforth et al. 2017). In contrast, equatorial wave
theory does not deal with shear, which is why the hori-
zontal modes (Fig. 1) are untilted in the zonal direction.
Nevertheless, the equatorial wave structures form a
useful orthogonal basis where the horizontal velocity
components and geopotential are coherent. A key
modification resulting from vertical wind shear is that
the data projected onto the horizontal structures at each
level reveals coherent wave modes that are tilted
with height (e.g., Zhang and Webster 1989; Yang et al.
2007a, 2011, 2012). Regions of active/inactive convec-
tion are also determined by the dynamics of the
large-scale waves.
Across Africa and the Atlantic, the meridional shear
in the zonal flow is much stronger than elsewhere in the
tropics as a result of the AEJ. Therefore, the structures
of any equatorially trapped large-scale waves must
overlap with regions of strong shear. Although equa-
torially trapped waves obtained as normal mode solu-
tions to the shallow-water equations on a uniform flow
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are untilted, orthogonal, and noninteracting, these
properties are lost in the presence of shear in the zonal
flow. Vertical wind shear also enables interaction be-
tween Rossby and gravity waves, as shown for example
in a two-layer model by Sakai (1989). The aim of this
study is to identify interactions between AEWs and
equatorially trapped waves and their effects on AEW
variability. A particular focus is on AEW interaction
with WMRG wave activity propagating along the
equator and excitation of those waves by equiv-
alent barotropic Rossby waves from the Southern
Hemisphere.
The paper is organized as follows. Section 2 describes
the reanalysis data and methods used for vorticity
tracking, spatiotemporal filtering, spatial projection
onto wave components, and the regression technique.
Section 3 presents a climatology of the distribution of
AEW intensity, both spatially, through tracking positive
vorticity centers within AEWs, and also in zonal
wavenumber–frequency space. The interannual vari-
ability is also examined. Section 4 presents a case study
of AEWs occurring during the active 1995 summer
season and the associated tropical cyclogenesis events.
Reanalysis data are projected onto the horizontal
structures of equatorial wave components (on pressure
levels spanning the troposphere) and the link between
westward-propagating wave structures and the vorticity
centers of AEWs is examined in detail. In section 5, the
case study findings are extended to the entire reanalysis
period by calculating average horizontal and vertical
structures relative to the AEW vorticity centers using a
lag regression analysis. Section 6 examines the differ-
ences in equatorial wave activity and the seasonal-mean
flow between years of strong and weak AEW activity.
Dynamical mechanisms linking the different waves are
identified using the theory for wave propagation on the
observed seasonal-mean flow. Conclusions are drawn in
section 7.
2. Data and methodology
a. Data
The data used in this study are from the European
Centre for Medium-Range Weather Forecasts interim
reanalysis (ERA-Interim; data available from ECMWF;
Dee et al. 2011). The fields used are the horizontal winds
(u, y) and the geopotential height (Z) for the period
from 1979 to 2010. The fields are available 6-hourly with
horizontal resolution of about 0.78 and at 37 pressure
levels from 1000 to 1 hPa. The proxy used for tropical
convection is NOAA interpolated daily outgoing long-
wave radiation (OLR) for the period from 1979 to 2010
(Liebmann and Smith 1996).
The troughs of AEWs can be tracked by identifying
their characteristic positive vorticity centers at the level
of the AEJ (600 hPa). In this study, the vorticity centers
are tracked using the methodology of Thorncroft and
Hodges (2001) and Hopsch et al. (2007). The vorticity
field used is spectrally filtered, where the total wave-
numbers equal or smaller than 5 are removed and the
field is truncated to T42 and the spectral coefficients
tapered to suppress Gibbs oscillations. The tracks of
positive vorticity centers at 600 hPa with amplitude
larger than 0.5 3 1025 s21 are used to represent the
phase propagation of AEWs.
b. Basic equatorial wave theory and identification of
equatorial waves from data
Following Matsuno (1966) and Gill (1980, 1982),
equatorial wave theory is based on linearization about a
resting atmosphere and separation of the vertical
structure from that in the horizontal. The horizontal and
temporal behavior of the u, y, and Z satisfy the linear-
ized shallow-water equations with gravity wave speed c,
the separation constant from the vertical structure
equation that can also satisfy relevant surface and upper
boundary conditions. This is possible only for discrete
FIG. 1. The horizontal structures of the normal modes for a resting atmosphere. The n 5 0 westward-moving mixed Rossby–gravity
(WMRG) and the n 5 1 and 2 westward-moving Rossby (R1 and R2) waves. Vectors indicate horizontal winds and colors divergence
(3 1026 s21). The meridional trapping scale y0 has been taken to be 68 and the zonal wavenumber k 5 12.
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values of the separation constant, ce 5 NH/mp, where
m is the vertical mode number, H is the height of the
tropopause, N is the buoyancy frequency, and it is as-
sumed that the tropopause acts as a rigid lid.
For the horizontal equations, the representation of
u, y, and Z fields are of the form
(u, y,Z)5 [U(y),V(y),Z(y)] exp[i(kx2vt)] , (1)
where k is the zonal wavenumber and v is the frequency.
The equatorial wave solutions are most easily formulated
in terms of new variables, q, r, and y (Gill 1980), where
q5 gZ/c
e
1 u and r5 gZ/c
e
2 u . (2)
There is the Kelvin wave solution with zero y and
v5 k/ce, and there are solutions with nonzero y with
the dispersion relation:
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k25 (2n1 1), for n5 0, 1, 2 . . . ., (3)
where n is the meridional mode number and b is ›f/›y.
Since the Kelvin wave satisfies this relation with n521,
this notation is conventionally used to label it. The
Kelvin wave is eastward moving. The n 5 0 mode is
the mixed Rossby–gravity (MRG) wave that has both
eastward (EMRG) and westward-moving (WMRG)
solutions. For n 5 1 and higher there are westward-
moving equatorial Rossby waves and both eastward-
and westward-moving gravity wave solutions.
The meridional (y) structures of the waves satisfying
the shallow-water equations on the equatorial b plane
are parabolic cylinder functions:
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/2b)1/2 , (5)
is the meridional scale, Pn is proportional to a Hermite
polynomial of order n, and the waves are trapped at the
equator on a scale yt 5 (2)
1/2y0.
Although the separation of the vertical and horizontal
structures is possible for a resting atmosphere, in general
the separation of variables for observed atmospheric
disturbances is not possible because of shear in the zonal
flow and the lack of rigid lid so that analysis in terms of
vertical modes and horizontal wave structures is not
strictly valid. Hence, in Yang et al. (2003) a methodol-
ogy to identify equatorially trapped waves in observa-
tional data was developed. In this study, no assumption
about the vertical structure or dispersion relation is
made, but at each level the fields in the tropics are
projected onto the different equatorial wave modes us-
ing their horizontal structures described by parabolic
cylinder functions in y and sinusoidal variation in x.
Guided by basic equatorial wave theory, the parabolic
cylinder function expansions are organized and de-
scribed as follows:
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These functions form a complete and orthogonal
basis, and the projections in Eq. (6) are quite general,
with q0D0 describing the Kelvin wave; q1D1 and y0D0
describing n5 0MRGwaves; and qn11Dn11, ynDn, and
rn21Dn21 describing n $ 1 equatorial Rossby waves or
gravity waves. The theoretical horizontal structures of
equatorial waves have been shown in a number of
previous studies (e.g., Matsuno 1966; Takayabu 1994;
Wheeler et al. 2000; Yang et al. 2003). The horizontal
winds and divergence of the WMRG, R1, and R2
waves that are relevant to this study are illustrated in
Fig. 1.
It is often convenient to identify the components of
the projection with their resting atmosphere labels, but
it is not assumed that these are normal modes of the
system. In particular, different wave components may
together make up an observed structure and their rela-
tive amplitudes may vary in time. For example, if a
strong wave in vorticity exists at 108–158N (typical for an
AEW) but there is no disturbance in the SH at the same
level, then this would project strongly onto a combina-
tion of R1 and R2 in phase in the Northern Hemisphere
(NH). The two structures would then approximately
cancel in the SH in both vorticity and divergence (as
seen from Fig. 1). This does not imply that these struc-
tures evolve just as R1 and R2 modes would on a uni-
form flow—indeed the AEW exists in the strongly
sheared environment of the AEJ. However, as a basis
the structures are useful because u, y, and Z are con-
sistent with propagating wave features (albeit only exact
solutions in the absence of wind shear). If a strong
projection of tropical winds onto an equatorially trap-
ped wave structure is found (as will be shown for
WMRG waves), further work is required to establish
whether or not this structure propagates coherently in
the fashion predicted, at least qualitatively, by equato-
rial wave theory.
1786 JOURNAL OF THE ATMOSPHER IC SC IENCES VOLUME 75
This horizontal projection technique, applied on each
level independently, has been successfully employed
in a number of previous observational studies for con-
vectively coupled equatorial waves (Yang et al. 2007a,b,c),
equatorial wave behaviors in different QBO phases
(Yang et al. 2011, 2012) and different ENSO phases
(Yang and Hoskins 2013, 2016), and has been used to
validate model simulations of equatorial waves (Yang
et al. 2009).
c. Statistical analysis procedures
In this study, the projection methodology described
above will be used to identify equatorial waves and then
connect them with AEWs using a linear regression
technique. In detail the analysis method is described as
follows.
1) FILTER DATA IN THE WAVENUMBER AND
FREQUENCY DOMAIN
Before projection onto the equatorial structure basis,
the dynamical fields y, q, and r between 248N and 248S in
the global tropical belt are separated into eastward-
and westward-moving components using a space–time
spectral analysis that transforms data from the x–t do-
main into the k–v domain by performing 2D FFT in the
zonal and time direction (Hayashi 1982). The data are
filtered using a broad spectral domain with zonal
wavenumber240, k,23 and period of 2.5–10 days to
define the westward-moving components. Note that the
convention chosen here is that v$ 0 but k is positive for
eastward and negative for westward phase speeds
(see Fig. 3). This filtering domain is wider than the 3–5- or
2–6-day filter used in many other studies of AEWs. The
lower cutoff of 2.5 days removes the diurnal cycle, and
the upper cutoff of 10 days is aimed to remove intra-
seasonal variability. There is a gap in power spectra
between periods of 10 and 20 days and other authors
have used this to partition propagating equatorial waves
from the Madden–Julian oscillation [e.g., Schreck et al.
(2012) used an upper cutoff of 17 days].
2) PROJECT WESTWARD-FILTERED COMPONENTS
ONTO HORIZONTAL STRUCTURES OF
EQUATORIAL WAVES
The Fourier coefficients [e.g.,V(y) for each k andv] of
westward-moving y, q, and r are separately projected
onto parabolic cylinder functions as in Eq. (6) to obtain
equatorial wave modes. To do this it is necessary to first
specify the meridional scale y0 (or equivalently the
trapping scale yt) and hence the speed ce, so that q and
r can be formed from u andZ according to Eq. (2). As in
previous studies (e.g., Yang et al. 2003, 2007a,b,c, 2012),
y0 5 68 (trapping scale yt’ 8.48) is used. The value of y0
is determined from a best fit to the data, although it is
found that the analysis is not sensitive to the particular
value of chosen y0 (Yang et al. 2003, 2012). FromEq. (5),
ce is determined to be about 20m s
21. This ce is used only
to create the new dependent variables q and r from u and
Z and later to reverse the variable transform.
3) TRANSFORM THE FOURIER COEFFICIENTS FOR
EACHWAVEMODE BACK INTO PHYSICAL SPACE
The projected n 5 0, 1, and 2 components will be re-
ferred to as WMRG, R1, and R2 waves, respectively.
Note that although the winds are broadband-filtered
before projection (for each k and n) the fields obtained
by the inverse transform capture variation in wave
component amplitude with longitude because the range
in zonal wavenumber is broad.
4) REGRESSING WAVES ONTO AEW VORTICITY
CENTERS
To investigate the relationship between equatorial
waves and AEWs, linear regression techniques similar
to those developed in Yang et al. (2007a,b) are used to
regress the horizontal winds of the westward-moving
equatorial waves onto vorticity centers tracked at
600 hPa across West Africa and the tropical North At-
lantic. The regression is based on considering the hori-
zontal fields in a framewhere the longitude coordinate is
expressed relative to the position of each positive vor-
ticity center tracked through a region. More specifically,
in the regression the independent variable is the value of
the tracked vorticity at the location of the maximum
falling anywhere within a specified region (e.g., 58–158N,
7.58W–7.58E and as shown in Fig. 2a). The horizontal
wind fields (westward-filtered components or the pro-
jected equatorial waves) are the dependent variables.
The wind fields at each latitude and at each level are
regressed onto the positive vorticity centers in a given
longitude sector. The regression yields a separate re-
gression equation for each grid point (in the feature-
relative frame). The linear dependence of the wind fields
can then bemapped by applying the regression equation
for each grid point. The regression can also be per-
formed by applying a lag to the dependent variables
(wind fields) relative to the independent variable (cen-
tral vorticity) to investigate the time evolution of waves
and their zonal propagation. The regression is per-
formed over all 32 June–September (JJAS) seasons
concatenated to obtain the climatology of the wave be-
havior in section 5. It is also performed over six strong
and six weak AEW seasons for strong and weak AEW
cases, to examine their differences in section 6. The
Student’s t test is used to test the statistical significance
for regression coefficients and difference fields between
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strong and weak AEW years. The significance level of
95% is used in all relevant figures.
3. Climatology of AEWs and equatorial wave
variability
Figures 2a,b show the geographic distribution of fre-
quency (occurrence) and amplitude of positive vorticity
centers tracked at 600 hPa, passing through 58–208N and
358E–108W in JJAS 1979–2010. It is seen the density is
farther equatorward over the African continent than
across the Atlantic. The low-latitude range of occur-
rence ofAEWs provides a potential link betweenAEWs
and westward-moving equatorially trapped waves. The
vorticity centers that propagate to the extratropics with
stronger amplitude (Fig. 2b) are recurving tropical
storms; however, their occurrence frequency is much
lower. The area where AEWs are most prevalent is di-
vided into five regions, each spanning 158 longitude and
108 latitude, as indicated by the boxes in Fig. 2a. They
will be used in sections 5 and 6 for the regression onto
vorticity centers passing through each region.
Analysis of the AEW tracks indicates that there is a
clear interannual variability, both in the frequency and
intensity, of the vorticity centers of AEWs. Figure 2c
shows the time series of amplitude anomaly of vorticity
centers averaged over the five regions, where six strong
and six weak AEW years are identified according to the
amplitude being stronger or weaker than one standard
deviation. The 6 yr with the strongest and the weakest
AEWs are labeled and these are used to create com-
posites in section 6.
To examine the overall variability of tropical distur-
bances over the North African andAtlantic sector (758W–
458E) in JJAS, space–time power spectra (Hayashi 1982)
of meridional winds are calculated. This is done at each
latitude and then averaged over 58–188N. The zonal and
temporal Fourier transforms are performed on data from a
limited 1208 zonal sector and 122-day time windows. Prior
to applying fast Fourier transforms, the zonal average in
the 1208 sector and time mean over the 122 days are re-
moved and the values are tapered to zero at each end of
the zonal sector and time window. The minimum zonal
wavenumber that can be determined from data in a 1208
sector is k5 3 (and spectral coefficients are obtained only
for its harmonics k5 3, 6, 9, . . .). Figure 3 shows the power
spectra of y at 200 and 700hPa in the 758W–458E sector,
averaged for all 32 JJAS seasons in 1979–2010. It can be
FIG. 2. Statistics of all tracked vorticity centers at 600 hPa, passing through the region 58–208N, 108W–358E in
June–September of 1979–2010. (a) Frequency (total occurrence numbers) and (b) mean amplitude (3 1025 s21) of
positive vorticity centers. The boxes indicate five regions that will be used for regression. Each region spans 158
in longitude, centered at 308W, 158W, 08, 158E, and 308E, and 108 in latitude, 88–188N for the two west regions and
58–158N for the three east regions. (c) Time series of the amplitude anomaly of the vorticity centers within all
five regions in 1979–2010. Two dotted lines indicate one standard deviation range. There are 6 years with amplitude
anomalies larger than one standard deviation: 1988, 1995, 1996, 2007, 2008, and 2010, and 6 weak years with am-
plitude anomaly smaller than one standard deviation: 1984, 1990, 1993, 1997, 2000, and 2002.
1788 JOURNAL OF THE ATMOSPHER IC SC IENCES VOLUME 75
seen that at both pressure levels, the westward-moving
(indicated by k , 0) power dominates. The strongest
power at 700hPa is clearly coincident with that of typical
AEWs with k ’ 9–15 and a period of ;3–6 days. On the
other hand, the strongest power at 200hPa shows smaller
wavenumbers and longer periods than those of AEWs.
The box indicates the broad filter domain that is used in
this study (see section 2c).
Figure 4 shows the geographic distribution of variance in
westward-moving disturbances and equatorial waves.
Longitude–height cross sections depict the standard de-
viations (SD; daily departure from monthly mean) in me-
ridional wind for westward-filtered components at 128N, 08,
and 128S (Figs. 4a–c) averaged over 32 JJAS seasons. The
projection of meridional wind on to the WMRG wave
component is shown at the equator (Fig. 4d). Note that
for WMRG waves, because their horizontal structures are
untilted, the standard deviation structure shown is inde-
pendent of the latitude chosen and only the amplitude
changes. As expected, at 128N where AEWs are prevalent,
there is a SD (y) maximum in the lower troposphere over
West Africa and the east Atlantic (408W–308E). It is clear
that this low-level feature also occurs for SD (y) at 08 and
for the WMRG wave. It is interesting that in the upper
troposphere there is also a maximum SD (y) in the same
longitude sector both in the SH (Fig. 4c) and on the equator
(Fig. 4b), but not in the NH (Fig. 4a). The upper-
tropospheric maximum also appears for WMRG waves in
the sector. The link between wave activity in the SH and
AEWs over West Africa will be explored in section 6.
4. Case study of AEWs in 1995 and relation to
tropical cyclogenesis
To examine the connection between AEW vorticity
centers and propagatingWMRGwaves, the 1995 season
is investigated in detail including a particular tropical
storm that occurred in this season. The 1995 summer
was a highly active Atlantic hurricane season that pro-
duced 21 tropical cyclones, 19 named storms, as well as
11 hurricanes including 5 major hurricanes. Figure 5a
shows theHovmöller plot of the 600-hPa vorticity tracks
passing through 358E–108W in JJAS 1995, with vorticity
centers in 58–208N indicated by circles. Colors indicate
intensity and those leaving the tropics are indicated by
gray circles. It shows that the amplitude of vorticity
tracks in the Atlantic region is generally stronger than
that over the African continent. Figure 5b shows the
corresponding Hovmöller plot for the meridional wind
of theWMRGwaves at 700hPa, with the vorticity tracks
superimposed. It is striking that the westward phase
speed of theWMRGwaves varies little and is faster than
the westward motion of the majority of vorticity centers.
Furthermore, there are five periods where there is a
distinct eastward group velocity of WMRG waves over
the Atlantic to about 108E. A particularly marked epi-
sode begins in mid-July from the western Atlantic. This
group behavior is predicted by equatorial wave theory
for WMRG waves (explored further in section 6) and is
evidence that the WMRG structures identified by the
projection technique are exhibiting mode-like behavior
that is independent of the vorticity centers within
the AEWs.
As a case study, the development of a category-4
hurricane, named ‘‘Felix’’ is examined (indicated by the
letter F in Fig. 5). It was reported that on 6 August, an
AEW vorticity center crossed the west coast of Africa
and quickly developed into Tropical Storm Felix on
8 August, and then became a category-4 hurricane on
12 August. The vorticity track in the first half of
August, shown in Fig. 5a, demonstrates this event.
Figure 6a shows the vorticity centers andwestward-filtered
FIG. 3. Zonal wavenumber–frequency power spectra of meridional wind y at 58–188N in the African–Atlantic
sector (758W–458E) in June–September averaged over 1979–2010: (a) 200 and (b) 700 hPa. The box indicates the
broadband-filter domain used in this study and the dotted line indicates a period of 4 days.
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horizontal winds at 700 hPa during 4–9 August. On
4 August, there is a positive vorticity center over West
Africa, indicated by the letter A. This moves westward
and intensifies over the Atlantic, indicating the devel-
opment of Tropical Storm Felix. The development of A
is associated with strong cross-equatorial flow that
propagates westward with the center A and projects
strongly onto a WMRG wave structure (Fig. 6b). On
4 August, A begins in the trough (positive vorticity
maximum) of the WMRG wave. Over 5–7 August, the
WMRG wave moves faster to the west, until A is in
phase with the strong northward cross-equatorial flow
associated with the WMRG wave. On 8 August, the
WMRG wave weakens in the west but intensifies in
the east because of its eastward group velocity (wave
packet moving eastward). A new vorticity center,
‘‘B,’’ intensifies in the convergent region just west of
the strongest lower-tropospheric cross-equatorial
flow of the WMRG wave. It is noted that in this case
study, the WMRG has a zonal wavelength of about
608 (k 5 6, ;6700km), longer than that of the AEW
wavelength of 408 (k5 9) estimated by the separation of
centers A and B.
Figure 7 shows that in the early stages of in-
tensification, 5–7 August, A is also connected to cross-
equatorial meridional wind in the upper troposphere
(Fig. 7a), which again projects strongly onto theWMRG
wave (Fig. 7b). The cross-equatorial flow has opposite
sign to that at 700 hPa, with maximum divergence
immediately to the east of A during 5–7August. Upper-
level divergence is in a suitable position for the devel-
opment of the low-level positive vorticity center by
vorticity stretching (as will be shown in section 6) and it
is hypothesized that the WMRG wave may play an im-
portant role in the intensification of the vorticity center
and its development into tropical storm category. On
8 August, vorticity center B appears where the meridi-
onal wind is weak in the upper troposphere and B does
not intensify into a strong storm. It is also noted that on
9 August another vorticity center C grows to the east of
B and in this case intensifies beneath the upper-level
divergence of the WMRG wave, just as center A did.
Another interesting feature to note is that in Fig. 7a
there is a Rossby wave train in the SH, indicated by the
pattern of cyclonic and anticyclonic circulations cen-
tered near 128S with a zonal wavenumber of about 5.
This pattern moves westward in step with the large-scale
cross-equatorial flow of the WMRG structure. The im-
portance of SH equivalent barotropic Rossby waves
(RWs) is explored in section 6.
The case study indicates that WMRG waves are in-
volved in the development of Tropical Storm Felix.
Although the WMRG wave has a much longer wave-
length than the separation of centers A and B, and
moves faster to the west, these vorticity centers amplify
when the WMRG wave is in a particular phase with the
cross-equatorial flow maximum just to the east of the
vorticity center at the AEJ level.
It should be pointed out that although u and y are
independently projected onto each wave mode without
supposing a theoretical relationship between them, the
projected (u, y) for the n 5 0 waves (Figs. 6b, 7b) show
coherent WMRG wave structures over the whole wave
phase. This indicates the robustness in the methodol-
ogy of identifying equatorial wave modes through
projection.
5. Average wave structures associated with AEWs
calculated by regression onto vorticity centers
To examine the climatology of wave structures asso-
ciated with AEWs and to explore whether the conclu-
sions from the 1995 case study are representative of the
FIG. 4. Longitude–height cross sections of standard deviations
averaged over JJAS 1979–2010 for the westward-filtered meridio-
nal wind y (m s21), at (a) 128N, (b) 08, and (c) 128S. (d) The pro-
jection of y onto WMRG structures at 08.
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general situation, the regression technique described in
section 2c is used to regress westward-filtered fields and
the WMRG wave wind component onto the vorticity
value at the tracked centers within AEWs. The re-
gression is performed using data from the five longitu-
dinal sectors (shown in Fig. 2a) for all 32 JJAS seasons
spanned by ERA-Interim.
a. Horizontal structures
Figures 8 show the horizontal winds for the 700-hPa
westward-filtered winds, and the WMRG wave compo-
nent at 700 and 200 hPa, regressed onto AEW positive
vorticity centers in the region spanning 158 longitude
centered at 08 (see Fig. 2a). The regression is calculated
with a time lag of 21, 0, and 11 days between the re-
gressed field and vorticity center amplitude. The corre-
sponding vorticity centers (red circles) are obtained by a
self-regression of the centers as described in section 2c.
It is clear that coherent wave structures appear on either
side of the vorticity centers. The westward-filtered
component (Fig. 8a) shows a coherent wave train with
the negative vorticity center to the west being stronger
at lag 21 and the negative vorticity center to the east
being stronger at lag 11. This is consistent with an
eastward group velocity. The WMRG waves (Figs. 8b
and 8c) propagate faster to the west than the vorticity
centers (as seen in the case study). In the lower tropo-
sphere, the vorticity center is located in the WMRG
wave trough on day21 but the vorticity center is more in
phase with the southerly wind of the WMRG wave by
day 11. Since the AEW is off equatorial, the positive
vorticity center is located within a region of convergence
of the low-level northward flow in the WMRG wave.
Furthermore, the WMRG negative vorticity center
grows on the eastern flank, as in the full meridional
wind, indicating that the observed eastward group ve-
locity within the AEW is explained by the behavior of
the WMRG wave component. Regression fields in the
lower troposphere for the other four regions show sim-
ilar structures and phase relationships.
FIG. 5. (a) Vorticity tracks at 600 hPa in JJAS 1995, with vorticity centers at 58–208N indicated by colored
circles (color scales show intensity in 1025 s21) and outside of it indicated by gray circles. (b) The 700-hPa
WMRG y (m s21) at 08 with vorticity centers at 58–208N superimposed. The letter F in each panel indicates
Hurricane Felix.
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In the upper troposphere, the WMRG wave (Fig. 8c)
has its maximum southward wind in phase with the
positive vorticity center at day 21. The WMRG wave
propagates faster to the west than the vorticity center
at this level, too. Nevertheless, the regression shows
that vorticity centers in AEWs intensify underneath
FIG. 6. Horizontal winds at 700 hPa, for (a) westward-filtered component and (b) the WMRG wave structure, during (top to bottom)
4–9Aug 1995. The red circles indicate positive vorticity centers and are sized in accordance with the amplitude of the vorticity (3 1025 s21).
The letters A, B, and C indicate three vorticity centers.
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divergence in the upper-tropospheric southward flow of
theWMRGwave. Note also the westward displacement
between the low-level convergence (immediately east of
the vorticity center) and upper-level divergence (west
of the center), which is examined in the next section.
The climatology of regressed horizontal structures of
WMRG waves and their relationship with AEWs are
entirely consistent with those shown in the case study.
FIG. 7. As in Fig. 6, but for 200-hPa westward-filtered winds and WMRG waves.
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b. Vertical structure of the distinct wave types
The regression of fields onto the value of vorticity at
the AEW vorticity centers can be used to extract the
vertical structure and tilt associated with the equato-
rial wave components because the regression is cal-
culated on each pressure level independently as a
function of longitude relative to the vorticity centers
tracked at 600 hPa [see section 2c(4)]. Figure 9a shows
the longitude–pressure cross section of the meridional
wind (broadband-filtered to isolate the westward-
moving component) at 128N regressed onto the vor-
ticity centers in all five longitudinal sectors (shown by
rectangles in Fig. 2a). The meridional wind is further
partitioned by projection onto the horizontal struc-
tures of the WMRG, R1, and R2 equatorial waves at
each level. As described in section 2b, the equatorial
waves form a relevant choice of orthogonal basis
functions. The sum of the projections onto R1 and R2
captures most of the structure associated with the
vorticity in the AEW itself. It is a convenient way to
separate equatorial Rossby wave motion from other
components, even though it is not expected that the R1
and R2 components evolve as the corresponding
modes would on a resting background state.
It is seen that all the wave components increase in
amplitude toward the west, being stronger over the
east Atlantic than over Africa. Over the ocean (308W)
the tilt of the wave components is weak. The equato-
rial Rossby wave component is deep, resembling an
equivalent barotropic structure. However, theWMRG
wave has a clear zero node at about 300 hPa where the
structure changes sign. This is consistent with the first
baroclinic vertical structure that arises in the calcula-
tion of normal modes by separation of variables on a
resting basic state.
However, over West Africa, the equatorial Rossby
wave component (Fig. 9b) tilts eastward with height
(upshear) below the AEJ, at about 600 hPa, and west-
ward above it which is a necessary configuration for
baroclinic wave growth (Thorncroft and Blackburn
1999; Berry and Thorncroft 2005; Cornforth et al.
2017). Note that in the full y (westward filtered) the tilt
below the AEJ is not so apparent, although the west-
ward tilt above the AEJ is clear, which indicates that
the projection onto equatorial Rossby wave compo-
nents does serve to isolate the tilt and connection with
the baroclinic growth mechanism (through counter-
propagating Rossby waves).
FIG. 8. Horizontal winds regressed onto vorticity centers in the region centered at 08. (a) The 700-hPa westward-filtered winds, (b) 700-hPa
WMRG waves, and (c) 200-hPa WMRG waves. The relative longitude axis is 08 at the location of the positive AEW vorticity center. Red
regions are autoregressed vorticity centers, sized in accordance with the amplitude of the vorticity with a unit of 1025 s21. Only those vectors
with the u or y components exceeding the 95% significance level are shown.
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TheWMRG waves (Fig. 9c) also tilt eastward below
the AEJ and westward above it. However, the signa-
ture of the first baroclinic structure is retained with
winds in the upper troposphere having opposite sign to
those below, in addition to the westward tilt above the
AEJ. However, the zero node varies in altitude
from 300 hPa at 308W to 400 hPa at 158E. It is in-
teresting that the WMRG wave structures in the
upper troposphere (above the zero node) also exhibit
slightly longer wavelengths than in the lower tropo-
sphere (quantified in the next section). For y at 128S
(Fig. 9d), a significant wave signal is found only in
the upper troposphere. It is interesting that its pat-
tern is very similar in wavelength and phase to that
of the upper-tropospheric WMRG waves, suggesting
a connection between the WMRG and SH upper-
tropospheric RWs (examined in section 6). The lack
of coherent signal in the lower troposphere shows that
the motions in the SH at this level are uncorrelated with
AEWs across West Africa. Therefore, the signature
seen in the WMRG projection in the lower troposphere
is dominated by the NH.
c. Zonal propagation characteristics
The zonal propagation characteristics of waves iden-
tified in the meridional wind are quantified in the NH
(at 128N), the SH (at 128S), and for theWMRG structure
(at the equator). Three propagation parameters—the
zonal wavenumber (k), period (p), and phase speed
(c)—are obtained from the regression fields as a func-
tion of longitudinal sector and time lag (fields similar to
Fig. 11e). The zonal phase speed c is calculated from this
regressed field using the Radon transform method
(Radon 1917; Yang et al.2007b). The range of k and
p characteristic of the variability in each wave compo-
nent is estimated from longitude–lag diagrams.
Table 1 shows these propagation parameters for the
following fields regressed onto the vorticity value at the
FIG. 9. Longitude–height cross sections for meridional wind regressed onto AEW vorticity centers in five regions, centered at (left to
right) 308W, 158W, 08, 158E, and 308E. (a) Westward-filtered y at 128N, (b) the equatorial Rossby wave structures R1 plus R2 at 128N,
(c) WMRGwaves at 08, and (d) westward-filtered y at 128S. Each panel shows longitude relative to the vorticity centers that pass through
the region. The solid (dotted) lines indicate positive (negative) values. In (a) and (b), the contours start at60.2m s21, with an interval of
0.4m s21. In (c) and (d), the contours are halved. In the shaded areas, regressed values exceed the 95% significance level.
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tracked AEW centers in the region centered at 08: y
(128N, 700 hPa), y (128S, 200 hPa), and the WMRG
equatorial y at 700 and 200 hPa. The westward-filtered
y (128N, 700 hPa) is dominated by AEWs and, there-
fore, has a characteristic phase speed c (9.1m s21),
which is close to the average zonal speed of the tracked
vorticity centers (8.4m s21). The characteristic zonal
wavenumber is 12–13 and the period is 3–4 days. In-
terestingly, the period p is quite similar for the AEWs,
WMRG component, and the upper-tropospheric wave
activity in the SH. The period is found to be slightly
longer in the upper troposphere (4–5 days) than lower
troposphere (3–4 days). However, since WMRG
waves have k of 11–12 in the lower troposphere and k
of 8–9 in the upper troposphere, they have quite sim-
ilar phase speed c (11 and 11.9m s21). The difference
in zonal wavelength for WMRG waves in the upper
and lower troposphere has already been noted from
Fig. 9c.
The AEW at 700 hPa has a wavelength longer than
early studies on AEWs that only used low-level merid-
ional wind (e.g., Burpee 1974) or relative vorticity for a
limited period (k 5 14–19), but slightly shorter than
some later studies (k5 8–13); for example, Kiladis et al.
(2006), where AEW structures were obtained by statis-
tical regression of winds onto westward-filtered OLR.
Our study shows that the WMRG waves over West
Africa have a longer wavelength, particularly in the
upper troposphere, and move at similar westward phase
speed to AEWs (although faster). Therefore, we deduce
that the longer wavelength derived statistically in those
studies using OLR is representative of the upper-
tropospheric WMRG wave component, rather than
the vorticity wave on the AEJ.
The westward-filtered y at 128S, which is a signature of
SH RWs in the upper troposphere, has the same period
as the WMRG waves (4–5 days) and slightly smaller
wavenumber k (7–8) and, therefore, on average slightly
faster westward phase speed c (12.7m s21). The mech-
anism connecting these SH upper-tropospheric Rossby
waves and WMRG waves is investigated in section 6d.
6. Years with strong and weak AEW activity and
evidence for a major role of Rossby waves
propagating from the Southern Hemisphere
The strong interannual variability of AEW occur-
rence has already been discussed in the introduction
and Fig. 2c shows the marked variability in average
AEW intensity between years. In this section, dy-
namical mechanisms that might explain the in-
terannual variability are sought. In section 6a, the
wave activity throughout the tropics between 758W
and 458E is characterized for 6 years with the strongest
AEW strength and the six weakest (labeled in Fig. 2c).
In section 6b, mechanisms for amplification of AEW
vorticity centers by WMRG waves are explored. In
section 6c, it is shown that the differences in seasonal-
mean zonal flow between the years with strongest and
weakest AEW activity are much larger in the upper
troposphere than lower troposphere, extending the
findings of Nicholson (2009) who examined a single
strong and weak AEW year. Then in section 6d,
Doppler shifting of WMRGwaves by basic zonal flows
is shown. Finally in sections 6e–g, the theory for the
propagation of RWs and equatorial WMRG waves is
used to relate the marked differences in wave activity
to the time-mean flow in each season, and a diagnosis
of the connection between WMRG waves and SH
RWs is present. Dynamical explanations are explored
that link enhanced AEW activity to enhanced activity
of WMRG waves and RWs propagating from the SH
into the tropical waveguide.
a. Differences in tropical wave activity between years
with strong and weak AEW activity
Figure 10 shows a longitude–height cross section of
the standard deviation of meridional wind [SD(y)] for
westward-filtered disturbances at 128N, 08, and 128S
and the WMRG wave structures, for the six strongest
AEW years (left column), six weakest AEW years
(middle column), and the difference between them
(right column). As in the climatology (Fig. 4), for both
strong and weak AEW years, the SD(y) at 128N in
the lower troposphere shows a local maximum over
West Africa and the east Atlantic where AEWs are
prevalent. This low-level maximum also appears to a
lesser extent for SD(y) at 08 and for the WMRG wave.
As expected, at 128N and the equator the lower-
tropospheric activity is significantly stronger for the
strong AEW years than in the weak years (significance
TABLE 1. Climatological mean of zonal wavenumber (k), period
(p), and zonal phase speed (c) of meridional wind disturbances ob-
tained by regression onto the positive vorticity centers trackedwithin
AEWs for the longitudinal sector centered on 08. Results are ob-
tained for westward-filtered y at 128N and 128S and the projection of
y on to WMRG waves. Here k and p are estimated from the re-
gressed longitude–lag diagrams (as in Fig. 11e), and c is calculated
from the Radon transform method (Radon 1917). Phase speed of
vorticity centers is also indicated in parentheses.
Wave y k p (days) c (m s21)
700-hPa y at 128N 12–13 3–4 9.1 (8.4)
200-hPa WMRG 8–9 4–5 11.9
700-hPa WMRG 11–12 3–4 11.0
200-hPa y at 128S 7–8 4–5 12.7
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level . 95% from the Student’s t test). However, the
WMRG waves show that they are also significantly
enhanced in the upper troposphere at the longitudes
with lower-tropospheric activity. The WMRG com-
ponent shows two distinct maxima in altitude in strong
AEW years indicating that the lower- and upper-
tropospheric variability maybe distinct (they have
already been shown to have distinct wavenumbers).
There is also an upper-tropospheric maximum in
SD(y) in the range 758–108W for westward-filtered dis-
turbances at 128S and on the equator, as well as for
WMRG waves, which is significantly stronger in strong
AEW years (Figs. 10c and 10d). The reasons for this are
explored in section 6c.
b. Mechanisms for amplification of AEW vorticity
centers by WMRG waves
The close connection between increased WMRG
wave activity and AEW activity suggests the impor-
tance of the WMRG wave for the development of the
AEWs and interannual variability. The consistent
phase relationship between the AEW vorticity centers
and the WMRGwave structure in the lower and upper
troposphere has already been shown in Fig. 8 through
the regression analysis. Here, Figs. 11a,b show the
200-hPa horizontal winds for westward-filtered dis-
turbances and the WMRG structures, both regressed
onto the vorticity centers passing through the region
centered at 08. The results are shown for the entire
climatology, strong and weak AEW years. It is clear
that in all cases there are strong large-scale circula-
tions extending across the equator, with the cross-
equatorial motion dominated by the WMRG structure
and southward cross-equatorial flow at the longitude
of the vorticity center. The winds are in the correct
phase to amplify the vorticity centers through vortex
stretching. Cross-equatorial flows are weaker for cli-
matology and weak AEW years.
The hypothesized mechanism of vorticity stretching
by the WMRG waves is explored in Fig. 11c, which
shows the longitude–height cross section of vorticity
stretching, 2f *D averaged over 58–188N for the winds
FIG. 10. Longitude–height cross section of standard deviations in meridional wind (m s21) averaged for (left) six strong, (middle) six
weak AEW years, and (right) the difference between them. Westward-filtered y at (a) 128N, (b) 08, and (c) 128S and (d) WMRG at 08. In
the difference fields, the shaded areas denote values exceeding the 95% significance level (given variability between years).
JUNE 2018 YANG ET AL . 1797
FIG. 11. Fields regressed onto AEW vorticity centers in the region centered on 08, averaged for (left) climatology, (middle) six strong,
and (right) six weakAEWyears. (a) The 200-hPa westward-filtered winds. (b) The 200-hPaWMRG structures. (c) Vorticity stretching by
the WMRG component averaged over 58–188N (3 10211 s22). (d) Lag–height diagram of WMRG equatorial y, with the AEW vorticity
center located at day 0. Solid (dotted) lines indicate positive (negative) values with a contour interval of 0.3m s21. (e) Longitude–lag
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projected onto WMRG waves. Here f * denotes the
basic-state absolute vorticity (f 2 dU/dy) and D is the
horizontal divergence in the WMRG wave. The di-
agnostic reveals that the term is positive at the location
of the AEW vorticity center (08 on the shifted longitude
axis) and to its east, implying that the WMRG structure
acts to intensify the vorticity center and to hinder its
propagation toward the west. In weak AEW years, the
vorticity stretching is weaker, about 60% of that for
strong years at 600 hPa. The peak magnitude of vorticity
stretching at 600 hPa in strong AEW years is about
43 10211 s22, which corresponds to a vorticity tendency
of 0.133 fday21, which is strong relative to the observed
rate of amplification (e.g., see Fig. 5).
To examine the time evolution of the WMRG wave
and its connection to theAEW in the lower troposphere,
Fig. 11d shows a lag time–height diagram of theWMRG
waves, where the independent variable is the maximum
vorticity in the AEW trough and the dependent variable
(meridional wind of the WMRG component) is re-
gressed with varying time lags such that ‘‘day 0’’ corre-
sponds to the time of maximum vorticity. This indicates
that in strong AEW years the upper-tropospheric
WMRG waves are much more prevalent than in the
climatology and the weak AEW years, and this is also
true in the lower troposphere.
Figure 11e presents the longitude–time diagram for
WMRGwaves at 200 hPa regressed onto the vorticity of
the AEW centers. The WMRG northerly wind is in
phase with the vorticity centers at the beginning of the
vorticity track in years of strong AEWs, consistent with
vortex stretching as a mechanism to intensify the vor-
ticity. However, an important feature is that well before
the vorticity track starts, there are WMRG wave trains
with eastward group velocity propagating into the re-
gion from the Atlantic, especially in strong AEW years.
This provides evidence that the WMRG waves indeed
play an important role in the amplification of theAEWs,
rather than the WMRG waves being an inherent part of
the AEW structure. The difference in westward phase
speed between the WMRG waves and AEWs is also
clear. It is also interesting to note that in strong AEW
years at around 08 longitude the WMRG wave packet
has near-zero group velocity, and in negative lag days to
the east of 08 there is also a weak wave train with
westward group speed. As will be shown below, this
variation in theWMRGgroup velocity is consistent with
the change in the dispersion relation of the WMRG
wave caused by the change in the basic zonal winds, and
the near-zero group velocity around 08 longitude sug-
gests the wave energy accumulation there.
The abovementioned analysis shows that there is a
strong relationship between developing AEW vorticity
centers in the NH lower troposphere andWMRGwaves.
Figures 8 and 9 show that in the lower troposphere, there
is northward cross-equatorial flow and a maximum in
convergence just to the east of the vorticity center. In the
upper troposphere, there is a maximum in divergence as
part of WMRG structures just to the west of the vorticity
center, and associated southward flow across the equator.
This phase relationship is similar to the one Besson and
Lemaitre (2014) identified with intense and long-lived
mesoscale convective systems (MCSs) embedded within
AEWs close to the positive vorticity center. The MCS
occurs where there is ascent precisely between upper-
level divergence to the west and low-level convergence
to the east (see their Fig. 5). Besson and Lemaitre (2014)
describe the upper-tropospheric feature as a ‘‘TEJ
streak.’’ Deep convection and latent heat release occurs
within theMCS and this would act as a positive feedback
onto the ascent associated with the tilted WMRG
structure. The ascent shown in their work is in the cor-
rect phase to amplify the low-level positive vorticity
center by vortex stretching.
The average location of convection relative to vorticity
centers is shown in Fig. 12. OLR and westward-filtered
horizontal winds in the upper and lower troposphere are
regressed onto the AEW vorticity centers in the two
longitudinal sectors centered at 158W and 08 (for strong
AEW years). It is seen that intensified convection
(negative OLR anomaly) is collocated with the positive
vorticity centers and on their eastern flank where the
lower-tropospheric cross-equatorial flow from the SH is
strongest, but also where the vortex stretching by the
WMRG component is strongest. It illustrates the con-
nection between the AEW vorticity at 700 hPa, ascent,
OLR (as a proxy for deep convection), upper-level
divergence, and cross-equatorial motion as part of a
WMRGwave. The latent heat release within convection
is in the correct phase to amplify the vertical motion
and AEW vorticity. This is consistent with importance
of moisture in simulations of AEW variability in
Cornforth et al. (2009). The large meridional extent
of winds associated with the OLR in the AEWs is
 
diagram of 200-hPa WMRG equatorial y. Red circles are autoregressed vorticity centers (3 1025 s21). In (a), (b), (c), and (e) only winds
exceeding the significance level of 95% are shown. In (d), the shaded areas denote regions of regressed values exceeding the 95%
significance level.
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consistent with that shown in Kiladis et al. (2006). They
suggest that the convection associated with AEWs is ini-
tiated by dynamical forcing, which leads to verticalmotion
at low levels and couples the AEW to deep convection.
Note that this synoptic-scale explanation for the link
between seasons with stronger vorticity centers in
AEWs and enhanced WMRG activity differs markedly
from the argument made by Nicholson (2009) that en-
hanced season-averaged precipitation in years of strong
AEW activity was a result of greater time-mean ascent
in the rain belt and a stronger TEJ. The stronger pre-
cipitation must be associated with stronger ascent
(through the time-mean thermodynamic budget typical
of the tropics) and together they are related to a stronger
meridional circulation, southward flow in the upper
troposphere, and a stronger TEJ to the south of the rain
belt. This is a diagnostic relationship, not a causal one. In
the following section, the differences in seasonal-mean
zonal flow between years with strong and weak AEWs
will be calculated and then in sections 6d and 6e they will
be used as input to diagnose the Doppler shifting of
WMRG waves and to wave propagation theory to
explain why wave activity is greater when the TEJ
is strong.
c. Difference in basic zonal flow between years of
strong and weak AEW activity
Figure 13 shows seasonal-mean zonal winds in the
upper and lower troposphere, averaged for the six
strongest and six weakest AEW years and the difference
between them. In the lower troposphere, the difference
in the zonal winds is small with the easterly flow being
slightly weaker over 08–158N in strongAEWyears. Note
that on a meandering jet, if the meanders (or waves)
have greater amplitude then the zonal average of the
flow has a weaker magnitude, even if the wind speed
along the curvy jet core is the same. This effect may
explain the slight reduction in easterly flow in years of
strong AEWs.
The zonal flow difference in the upper troposphere is
far greater and dominated by easterly anomalies. The
time-averaged zonal wind is anomalously easterly in
strong AEW years in the equatorial region and the SH
tropics across the Atlantic and southern Africa. The
equatorial easterly flow is stronger and the westerly flow
in the SH (south of 58–108S) is weaker. This is consistent
with the finding of Nicholson (2009). Now the ramifi-
cations of seasonal-mean zonal flow differences for the
propagation and activity of RWs and equatorialWMRG
waves are investigated. Enhanced activity in WMRG
waves above West Africa is expected to enhance AEW
activity through the vortex-stretching mechanism de-
scribed in the last section.
d. Doppler shift of WMRG waves by stronger
easterlies
To examine the influence of extratropical RWs on
tropical WMRG waves, it is instructive to analyze the
FIG. 12. Westward-filtered OLR (color, Wm22) and horizontal winds at (a) 200 and (b) 700 hPa in strong AEW years, regressed onto
vorticity centers in two regions centered at (left) 158W and (right) 08. Other conventions are as in Fig. 8. Only winds exceeding the 95%
significance level are shown.
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properties of equatorial wave dispersion, RWdispersion
on the sphere, and the conditions for the reflection or
absorption of Rossby wave rays.
Figure 14a shows the observed time-mean zonal mean
flow profileU(u) averaged across the 758W– 458E sector
in the upper troposphere for strong (black line) and
weak (gray line) AEW years. It is seen that the easterly
flow in the tropics is stronger and broader in strong
AEW years. The curvature of the broader jet is weaker
and, therefore, the effective b is closer to the value of
planetary vorticity gradient. Figure 14b shows two sets
of equatorial wave dispersion curves corresponding to
two Doppler shifts by U0 values (average zonal wind
over the longitude sector and latitudes between 12y0
and22y0) in strong and weak AEW years, respectively.
The planetary vorticity gradient b0 is used for the dis-
persion relations (without considering the relative vor-
ticity of the background flow) to be consistent with
the assumptions in the basic equatorial wave theory
(Matsuno 1966). Since U0 in weak AEW years is small
(21.9m s21), the corresponding dispersion curves (gray)
are not far from the familiar results for a resting atmo-
sphere. In strong AEW years there is stronger easterly
flow (25.8m s21) and the eastward-moving waves
(Kelvin waves and EMRG waves) are Doppler shifted
to lower frequency. The westward-moving WMRG and
R1 waves are shifted to higher frequency, especially for
larger k. It is important to note that because of the
Doppler shifting, the frequency for WMRG curves be-
comes very flat across a wide range of k. As a result, the
period of WMRGwaves is almost uniform (3–4 days) in
strong AEW years, which is comparable to the period of
AEWs. The period range predicted by theory is close to
that of the observed WMRG waves (Table 1) and with
the typical period of AEWs.
In the easterly environment, the group velocity of
WMRG waves (›v/›k) is near zero (solid black curve in
Fig. 14b). The eastward group velocity is greater in re-
gions with weaker easterlies for small k (solid gray
curve). This implies that the eastward group velocity of
WMRG waves must be stronger over South America
and the western Atlantic where easterly wind is weaker,
while over the African continent the group velocity will
become close to zero because of the stronger easterlies.
Therefore, wave energy accumulation must occur over
West Africa (Hoskins and Yang 2016). This change in
the WMRG group velocity is entirely consistent with
that shown in Fig. 11e. Ray tracing for WMRG waves
with a period of24 days, following the one-dimensional
calculation of Hoskins and Yang (2016), indeed shows
that there is energy accumulation over West Africa
where the group velocity approaches zero (not shown
here). This is consistent with the local maximum in
SD(y) associated with WMRG waves in the upper tro-
posphere over the West African coast (Fig. 10d). Note
that Diaz and Aiyyer (2013) applied lag regression
analysis to reanalysis data to deduce that AEWs exhibit
eastward group velocity to the west of 08 at all levels over
the Atlantic and west coast of North Africa. Although
they examined the energetics of wave propagation, they
did not make the connection with WMRG waves. The
eastward group velocity of the WMRG waves may ex-
plain the eastward group velocity observed in their sta-
tistical analysis over the west side of West Africa since
the two components are difficult to disentangle without
the projection step.
FIG. 13. Zonal winds averaged over (a) the upper troposphere (200–300 hPa) and (b) lower troposphere (600–700 hPa). Composite for
(left) six strong AEW years, (middle) six weak AEW years, and (right) difference between them over the African–Atlantic sector. The
contour interval is 4m s21 in (a) and 2m s21 in (b). The shading area in the difference fields indicates the difference values exceeding the
95% significance level.
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e. Rossby wave propagation into the tropical
waveguide
Free Rossby wave propagation across the extratropics
and in the upper troposphere in the tropics is now ana-
lyzed using the barotropic vorticity equation. Following
Hoskins and Karoly (1981), Hoskins and Ambrizzi
(1993) and others have shown that the Rossby ray paths
calculated using this reduced dynamics can explain
many prominent equivalent-barotropic stationary wave
patterns in the atmosphere. Furthermore, Hoskins and
Karoly (1981) have shown that the vorticity equation for
disturbances on the sphere viewed from the Mercator
projection is formally similar to the equation on a Car-
tesian b plane that simplifies the mathematical analysis.
The dispersion relation can be written as follows:
v5U
M
k2
b
M
k
k21 l2
, (7)
where l is themeridional wavenumber,UM5U/cosu, is
the zonal angular velocity of the background flow, and
bM 5 2V cos
2u/a 2 d/dy[(1/cos2u) 3 d/dy(cos2uUM)]
is the relevant meridional absolute vorticity gradient
FIG. 14. Basic flow and diagnosis of WMRG and RW propagation at 200–300 hPa in the sector 758W–458E.
(a) U (solid, m s21) and b (dotted, 5 3 10212 m21 s21) for years of strong (black) and weak (gray) AEW activity.
(b) Dispersion curves for WMRG (solid), R1 (dashed), and Kelvin (dotted) waves, using ce 5 20m s
21, planetary
b0 5 2.28 3 10
211 m21 s21, and U (averaged over 128N–128S) in strong (black) and weak (gray) AEW years.
(c),(d) Rossby wave propagation diagnosed for period 5 24 days using observed zonal wind profiles in (c) strong
and (d) weak AEW years. Thick solid lines indicate reflection wavenumbers and the dotted line indicates critical
wavenumber. Permitted wavenumbers for RW propagation are shaded. (e),(f) Phase speeds (m s21) of RW (solid,
c2) along k2 line defined in Eq. (7) and WMRG (dotted, c2-MRG) calculated from Eq. (9) using the k2 with b0 and
U0 in (e) strong and (f) weak AEW years.
1802 JOURNAL OF THE ATMOSPHER IC SC IENCES VOLUME 75
modified by the curvature of the basic zonal wind. In
this expression, a denotes Earth’s radius, u is latitude,
and y 5 au. From now on, the M subscript will be
dropped but it is implicitly understood that the analysis
applies to the Mercator projection of a domain span-
ning the tropics and subtropics. It should be noted that
k in all equations is the dimensional zonal wavenumber
to be distinguished from that used in the figureswhere it is
the nondimensional value ~k5 ak. In the Rossby wave
analysis, following previous authors, the convention will
be that the zonal wavenumber is positive definite and
westward propagation will be associated with v , 0 (in
contrast to the convention used for equatorial waves
where the wavenumber changes sign).
Hoskins and Karoly (1981) also showed that following
RW rays, v and k are constants (when U and b are in-
dependent of x and t) and l varies such that the disper-
sion relation [Eq. (7)] is satisfied. Therefore, we can
consider v as a given parameter and seek conditions on
k for the propagation of rays.
As discussed in Hoskins and Ambrizzi (1993), the
theory can be successfully applied to a longitudinally
varying basic flow, assuming that the variation ofUM and
bM with longitude is on a longer scale than the wave-
length of interest. Yang andHoskins (1996) extended the
theory to the propagation ofRossbywaves of positive and
negative frequency. Following ray paths through a slowly
varying medium, the following two behaviors can occur:
(i) The ray approaches a turning latitude when it turns
into the zonal direction and l / 0 and the ray is
reflected back toward the equator. When l 5 0,
Eq. (7) reduces to the quadratic equation Uk2 2
vk 2 b 5 0, which has two roots:
k
1,2
5 [v7 (v21 4bU)1/2]/(2U) . (8)
(ii) The ray approaches a critical line where c5v/k5U.
As it does so, the meridional scale must shrink,
the meridional group velocity decreases and the
critical zonal wavenumber kc5 v/U is only achieved
where l asymptotically approaches infinity. Yang and
Hoskins (1996) outline the conditions for nonsta-
tionary RW propagation with the detailed solution
and schematic picture for allowable k in different
basic states. It is shown that westward-moving RWs
can exist on both westerlies and easterlies. The
relevant case here is b . 0 and v , 0 (westward
propagation) with different U conditions:
d westerlies U . 0: propagation is allowed for any
k , k2 and there is no critical line.
d weak easterliesUe,U, 0: propagation for longer
wavelengths k , k2 and there is another shorter
wavelength band k1, k, kcwhere propagation is
possible. Here the parameter Ue 5 2v
2/4b.
d strong easterlies U , Ue: propagation is allowed
for any k , kc and there are no reflection lines.
Figures 14c,d show the ranges of k where RW prop-
agation is possible at each latitude using the observed
zonal wind profiles in strong and weak AEW years, re-
spectively, for a specified period of 24 days (the nega-
tive denoting westward phase speed). The period is
chosen based on the observed period of AEWs (Table 1).
The permitted zonal wavenumber range for propagation
(shading) is bounded at high k by critical line absorption
(dotted) within the tropics and reflection (solid) curves
outside the tropical waveguide. Very different RW
propagation features are seen between the strong and
weak AEW years.
In strong AEW years, as a result of stronger easterly
flow in the SH and equatorial belt, there is a broad
tropical waveguide between the two hemispheres.
Rossby wave rays with 6 , k , 12 can only propagate
westward between 58S and 178N with the 4-day period.
Westward longwaves with k # 5 can exist with a 4-day
period outside the tropical waveguide owing to their
stronger westward propagation rate relative to the zonal
flow. In contrast for weakAEWyears, RWs propagation
is not possible between 28 and 88N with a period
of 24 days because Ue , U , 0 across those latitudes.
Only waves with very long wavelengths (k, 2) are able
to propagate through the equatorial region with this
period and, therefore, the hemispheres are disconnected
for shorter wavelengths.
f. Phase speed matching between Rossby andWMRG
waves
The above analysis shows that stronger easterlies en-
able RW propagation at zonal wavenumbers and fre-
quencies comparable with AEWs across the tropical
belt. However, how does RW activity in the SH sub-
tropics connect with the WMRG wave activity? Con-
sider the influence of the basic state on the WMRG
waves. The dispersion relation for the WMRG wave
on a uniform flow, U0, can be derived from Eq. (3) with
meridional mode n 5 0:
c
MRG
5
v
MRG
k
5U
0
1
c
e
2
 
12
ﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
11
4b
k2c
e
s !
, (9)
whereU0 represents an average flow over the equatorial
region (between 12y0 and 22y0), b0 5 2V/a 5 2.28 3
10211m21 s21, and ce 5 20m s
21 can be deduced from
y0 5 (ce/2b)
1/2 5 68, the best-fit meridional scale to ob-
served wave structures, as mentioned in section 2b.
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Figures 14e,f show the RW phase speed c2 5 v/k2
(solid) along the reflection line in Figs. 14c,d and the
WMRG phase speed, c2-MRG, deduced from Eq. (9) at
wavenumber k2(u) (dashed). It is remarkable that the
two phase speeds are very close across all latitudes, es-
pecially for strongAEWyears north of 128S. In the short
wavelength limit b/(k2ce)  1, the WMRG dispersion
relation [Eq. (9)] reduces to the barotropic RW disper-
sion relation [Eq. (7)] for l 5 0 (at the reflection lines).
For longer waves, the matching phase speed is explained
by the flatness of the Doppler-shifted WMRG disper-
sion curve, which has a period close to24 days for zonal
wavenumbers 4–16 (Fig. 14b). The theoretical pre-
diction is consistent with the observed feature that
WMRG and disturbances in y at 128S have a similar
phase speeds (Table 1). Since the phase speeds match,
sustained interaction between the Rossby and WMRG
waves is expected in the shear flow (in a uniform flow the
equatorial wave analysis yields normal modes that can-
not interact). For example, in the case study Fig. 7 shows
how the winds associated with a Rossby wave in the SH
(centered at about 128S) are connected with theWMRG
wave structure. Figure 10 also shows how SH Rossby
wave activity across the Atlantic and South America is
much greater during the strongAEWyears (Fig. 10c). In
contrast, the upper-tropospheric disturbances are not
enhanced in the NH (Fig. 10a).
g. Mechanism for excitation of WMRG waves by
Rossby waves from the SH
The connection between WMRG waves and Rossby
waves from the SH is investigated by regressing the full
(unfiltered) horizontal winds onto the northerly wind
extrema (minimum y) of the WMRG component. For
illustration, the region centered at 158W is chosen
(spanning 308 longitude) because this is where the stan-
dard deviation of WMRG waves is greatest (Fig. 4d).
Only the seasonal mean and zonal (708W–508E) mean
are removed from the winds used in the regression so
that no assumptions are made regarding the spatial
structure or frequency of the field. Figures 15a,b show
the regression fields at lag day 21 for strong and weak
AEW years, with negative lag indicating full winds lead
the WMRG amplitude in cross-equatorial flow (at shif-
ted longitude 08). It is interesting to see that in strong
AEWyears, to the southwest ofWMRGwaves there is a
SH extratropical wave train with a zonal wavenumber
about 5 and a NW–SE tilt, and the eastern part of the
wave train is dominated by WMRG wave structures.
Such a wave train arching from the SH toward the
equatorial region is very similar to that in an earlier
observational study (Yang and Hoskins 2016), which
reveals that WMRG waves in the upper tropospheric
eastern Pacific in winter are forced by SH wave trains
arching into the equatorial region. In contrast, this fea-
ture is not seen in weak AEW years.
The NW–SE tilt of the eddy structure implies two
points about the relation between WMRG waves and
Rossby waves:
(i) The pattern is consistent with excitation of the
WMRG wave by meridional advection of planetary
vorticity by the flow associated with SH Rossby
waves. For example, consider a thought experiment
where there is no WMRG activity and a Rossby
wave is focused on the northern flank of the sub-
tropical jet in the SH. Northward flow to the west of
the negative vorticity center in the wave advects
more negative vorticity from the south so that there
is an anomalously negative vorticity at that location
extending to the equator. A similar argument ap-
plies to positive vorticity advection to the east. The
net result, as depicted by the schematic (see Fig. 19)
in Hoskins et al. (1985) is that a vorticity wave
amplifies near the equator with a westward shift of
908 relative to the original wave. Furthermore,
although the WMRG wave can be excited by the
Rossby wave by this mechanism, the phase is such
that the meridional advection by the WMRG wave
acts to decrease the amplitude of the Rossby wave
to the south. The interaction, therefore, has a di-
rectional inference. It also implies that the WMRG
waves should have a similar wavenumber to the
Rossby waves that excite them and if they can
propagate with matching phase speeds then the
interaction could be sustained.
(ii) The tilt implies that the momentum flux [u*y*]
is negative, which implies that the meridional
component of the Rossby wave flux is northward
(Fy 5 2[u*y*]).
The momentum flux of the regressed winds is averaged
over two wavelength ranges of 1448 (688W–808E) and
shown in Fig. 15c, for strong (solid) and weak (dotted)
AEW years. In strong AEW years, there is a strong
negative [u*y*] in the SH peaking at about 208S on the
equatorward flank of the subtropical westerly jet where
there is the strongest meridional shear. This feature is
far weaker in years of weak AEW activity, consistent
with the untilted wind structure seen in regression
(Fig. 15b). However, the positive momentum flux on the
equator is quite similar in the two cases. Therefore,
there is a much stronger convergence of Rossby wave
activity from the SH into the tropical waveguide in the
strong AEW years.
In addition to the excitation of WMRG waves with
similar phase speeds to the SH Rossby waves, the
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momentum flux convergence will accelerate the
tropical easterlies in the upper troposphere [i.e.,
›[u]/›t ; 2[u*y*]y , 0]. However, the magnitude is
approximately 5 3 1027m s22, which is equivalent to
1.5m s21 if sustained over 30 days. Therefore, although
the Rossby wave convergence into the tropical waveguide
gives a positive feedback on the easterly zonal flow (which
strengthens the waveguide), the feedback is weak.
FIG. 15. Horizontal winds (with only the time mean and zonal mean removed) regressed
onto 200-hPa WMRG minimum in y (northerlies) in the region centered on 158W spanning
308 longitude at lag day 21. (a) Six strong and (b) six weak AEW years. (c) Horizontal
momentum flux [u*y*] of full winds, averaged over2648 to 808 (two wavelengths) for strong
(solid) and weak (dotted) AEW years (m2 s22). Only values exceeding the 95% significance
level are shown in (a) and (b).
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7. Conclusions
Dynamical mechanisms influencing the marked in-
terannual variability in African easterly waves were
explored by comparing years with the strongest and
weakest AEW activity. The biggest differences in the
seasonal-mean zonal winds between years of strong
and weak AEW activity were found in the upper
(rather than lower) troposphere. The tropical easterly
jet is stronger in seasons when AEWs are more active,
as found by Nicholson (2009). Surprisingly, although
the AEWs are examined in the NH lower troposphere,
the correlated signal in background wind is stron-
gest in the equatorial and SH upper troposphere. It is
also shown that there is enhanced upper-tropospheric
Rossby wave activity in the SH and equatorial westward-
moving mixed Rossby–gravity wave activity in years with
the strongest AEWs.
The dynamical connection between AEWs, WMRG
waves, and extratropical equivalent barotropic Rossby
waves (RWs) from the SH has been investigated using
ERA-Interim data for the period 1979–2010. The
methodology of Yang et al. (2003), based on the pro-
jection of broadband-filtered data onto the horizontal
structures from equatorial wave theory, is used to
identify the equatorial wave components, quantify their
variance, and identify relationships between them in the
development of AEWs. The analysis is conducted on
each pressure level independently, which enables a
characterization of the vertical structure and tilt asso-
ciated with the wave types. AEW propagation was
identified by tracking the positive vorticity centers at the
level of the African easterly jet (600 hPa).
A case study of the 1995 season was instructive and
showed the propagation of the different wave types and
the phase relationships between them at times when
positive vorticity centers within AEWs intensify. Many
of these vorticity centers developed into tropical storms
over the Atlantic, some becoming hurricanes. The re-
sults were generalized to the entire climatology by
using a method whereby all fields were analyzed at
longitudes relative to AEW vorticity centers and linear
regression was used to extract the structures associated
with the vorticity at the tracked center. The results from
the case study period were found to be robust and reflect
behavior throughout the reanalysis.
Based on the above observations, mechanisms are de-
duced for the influence of the seasonal-mean zonal flow on
RW propagation into the tropics, the excitation of WMRG
waves and their role in the transient intensificationofAEWs:
d Stronger easterlies enable a broad tropical wave-
guide for RWs with the characteristic AEW period
of24 days. TheRWdispersion analysis shows that the
wavenumber range 5 , k , 12 is trapped within the
tropical waveguide, while longer waves have strong
enough westward propagation to attain the period
of 24 days outside the easterly waveguide. For k 5 5,
waves are observed to propagate from the SH and
converge into the equatorial region (Fig. 15). When
easterlies are weaker, Rossby wave propagation is
not permitted north of the equator with the pe-
riod of 24 days, closing the connection between
hemispheres.
d Stronger easterlies Doppler shift WMRG waves so
that they have a period of about 4 days for a wide
range of wavenumbers. In this situation, the tropical
waveguide supports Rossby waves with phase speeds
that can match Doppler-shifted WMRG waves across
the wavenumber range 5 , k , 12. This enables
sustained interaction of the two waves in the shear
flow and excitation of WMRG wave activity through
meridional advection of planetary vorticity by SH
Rossby wave disturbances as they propagate westward
in step. The dominant wavenumber for WMRG and
SH RWs (Table 1) is found to be 7–9 in the upper
troposphere with an average phase speed of approxi-
mately 12–13ms21. Therefore, the wave structures
that regress onto the AEW vorticity centers (Figs. 8, 9,
and 11) have slightly shorter wavelengths than the
dominant wavenumber flux from the SH subtropics
(Fig. 15).
d Over South America and the tropical western Atlan-
tic, where upper-tropospheric easterlies are weak, the
WMRG wave trains have an eastward group velocity
and, therefore, packets move eastward. However,
over Africa where the easterlies are stronger, the
effect of Doppler shifting the WMRG dispersion
relation results in near-zero group velocity and, there-
fore, WMRG wave energy must accumulate above
West Africa.
d Individual vorticity centers in AEWs amplify when
the phase of the WMRG waves are in a particular
configuration. The peak amplitude in AEW vorticity
occurs when the maximum low-level convergence in
the WMRG wave (and associated northward flow
across the equator) is just to the east of the center
and the maximum upper-level divergence (and asso-
ciated southward flow across the equator) is just to the
west of the vorticity center. Thus, the westward tilt of
the WMRG component is central to vorticity ampli-
fication. In the modal WMRG solution on a resting
basic state, the upper-level divergence would be
associated with upward motion between lower- and
upper-tropospheric layers and compensating horizon-
tal convergence below (both layers with matching
horizontal structure as in Fig. 1). This mechanism
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can explain the existence of the strong WMRG ac-
tivity in the lower troposphere over the east Atlantic
and West Africa with a vertical structure similar to a
tilted first baroclinic mode. However, in shear flow,
the wave disturbances are not orthogonal and the
vortex stretching associated with the WMRG motion
is shown to be in the correct position to amplify the
AEW vorticity center. This occurs even though the
WMRG waves (in the upper troposphere) are longer
and have faster westward phase speeds. The mismatch
in phase speed (see Table 1), but approximate match
in frequency, implies a periodic amplification of
AEWs associated with WMRG waves at the average
time scale of 4 days.
d The lower-tropospheric WMRG wave structures ad-
vect moisture from the equatorial ocean into West
Africa and the OLR signature of deep convection is
observed to occur in concert with the AEW vorticity
center and on its eastern flank, precisely where the
vortex stretching is found to occur. Latent heat release
would act as a positive feedback on the ascent within
the wave structure and the amplification of vorticity.
d Finally, the RW activity flux from the SH converges in
the tropical waveguide in years of strong AEW
activity. This acts as a positive feedback since the flux
convergence accelerates the easterly flow, broadening
the waveguide and enabling the wave interactions
described above. However, this effect was found to
be a weak feedback but would contribute to mainte-
nance of stronger easterlies.
It is a surprising finding that the interannual vari-
ability in AEW activity is more strongly influenced by
the background state in the upper troposphere of the SH
than NH. The mechanism proposed here is based on the
evidence found in terms of the activity in distinct
westward-propagating wave types identified in rean-
alyses. Fundamental support for the mechanism is based
on the dispersion relations for RWs and WMRG waves
and their propagation relative to a smoothly varying
background flow (assumed to be represented by the
seasonal mean). Therefore, the links are nonlocal and
connect the hemispheres. They are mediated by waves
with nonzero frequency, as opposed to the more typical
teleconnections identified with stationaryRossbywaves.
An important consequence is that interannual variabil-
ity of precipitation across West Africa, and longer-term
climate change, is unlikely to be explained solely by
local mechanisms, such as the influence of the land
surface.
This study has focused on the influence of background
zonal flow on wave propagation characteristics. How-
ever, it does not preclude two-way interaction where the
TEJ is stronger as a result of greaterAEWactivity. Also,
it does not dismiss other processes that are important for
the initiation and intensification of AEWs. Greater
AEW activity is associated with more deep convection,
latent heat release, and time-mean ascent in the rain belt
across West Africa. Nicholson (2009) notes this occurs
in a year with strong AEW activity and also that the
equatorward flow from upper-level divergence is stron-
ger and so is the TEJ, as would be expected from an
enhanced meridional circulation and Coriolis-effect
turning the southward flow. A positive feedback be-
tween enhanced upper-tropospheric equatorial easter-
lies and AEW activity is plausible. However, there are
many other remote influences on the TEJ—for example,
the outflow from the Asian summer monsoon convec-
tion and the wave-activity flux convergence from SH
Rossby waves. Therefore, the mechanisms proposed
here cannot compose a closed explanation of AEW in-
terannual variability, and it would be interesting to
explore in more detail the origins of variability in upper-
tropospheric zonal flow across the tropical Atlantic, es-
pecially in the SH.
The wave theory used in this study is also far from a
complete description of wave behavior in the atmo-
sphere. The equatorial wave theory defining the hori-
zontal structures used for projection of the data does not
take into account shear in the zonal flow. This is a lim-
itation, particularly across West Africa where the strong
shears associated with the AEJ are essential to the ex-
istence of AEWs. However, the analysis suggests that
the observed wave structures do bear some relation to
the horizontal structure of the WMRG mode and that
vertical shear lends the waves a slight tilt, but does not
alter them substantially. This suggests that a more
complete theory might be possible where the effects of
shear are treated as a perturbation to the structures on
uniform flows. Several approaches to this problem have
been attempted (Andrews and McIntyre 1976; Han and
Khouider 2010). Key quantities to predict would be the
degree of wave tilt, the structure of vertical motion and
its phase relative to the horizontal flow, and the role of
latent heat release. It has been argued here that the as-
cent is central to AEW intensification by WMRG
packets entering Africa from the Atlantic.
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